Abstract The Vanuatu arc in the southwest Pacific Ocean is one of the world's most seismically active regions, with almost 39 magnitude 7+ earthquakes in the past 43 years. Convergence rates are around 90-120 mm/yr along most of the arc, but drop to 25-43 mm/yr in the central section, probably due to the subduction of the d'Entrecasteaux ridge. We characterize the slab geometry and tectonic state in this central section by analyzing data from a 10 month deployment of 30 seismometers over this section. We located more than 30,000 events (all less than magnitude 5.5), constructed an improved 1-D velocity model, calculated focal mechanisms and cluster geometries, and determined the 3-D geometry of the interplate seismogenic zone. The seismogenic zone has a shallow bulge in front of the d'Entrecasteaux ridge, which could be explained by the ridge's buoyancy contributing to the uplift of the fore-arc islands. The seismogenic zone extends tõ 45 km depth, significantly below the 26-27 km depth of the fore-arc Moho, indicating that the upper mantle wedge is not significantly serpentinized, which is consistent with the relatively high thermal parameter of the subducting plate. The maximum width of the seismogenic zone is 80 km, indicating an upper earthquake magnitude limit of M w 7.85 ± 0.4, assuming standard rupture zone aspect ratios. The data also reveal a double seismic zone, 20 to 30 km below the seismogenic zone, which is presumably caused by flexure of the downgoing plate.
greatly slowed (25-43 mm/yr) [Calmant et al., 2003; Bergeot et al., 2009] ; (2) globally detectable seismic activity is much lower, with a significant gap in maps of globally detected (M 4+) seismic activity ( Figure 1 ) and an anomalously long time since the last M w > 6.5 event (15 to 40 years, compared to less than 10 years for the rest of the arc); and (3) fore arc tectonic uplift is significant over the last 100 kyr, creating relief up to 1800 m above sea level with a maximum rate of 6 mm/yr measured on Santo Island [Taylor et al., 2005] .
These singularities are geographically correlated to the subduction of the d'Entrecasteaux ridge facing the large fore-arc islands of Santo and Malekula [Taylor et al., 1980 [Taylor et al., , 1995 [Taylor et al., , 2005 Pelletier et al., 1994] . The slowed convergence rate, currently accommodated by convergence within and behind the arc, may be a partially short-term effect due to interseismic locking of the subduction interface segment. To understand the current state of plate locking and stress, we deployed 30 wideband seismometers in a network covering the fore-arc islands and the ocean between them and the subduction front. The deployment was part of the 2008-2009 ARC-VANUATU geodynamic experiment, which also included GPS field campaigns (continuing time series started in 1996) and the installation of seven continuous GPS stations on the central Vanuatu Islands. This paper focuses primarily on the seismological experiment; we used more than 9500 earthquakes located beneath the network during the 10 month deployment to define the geometry of the subduction zone interface, determine the extent of the seismogenic zone, and evaluate the state of stress around the megathrust interface. Because the central part of the Vanuatu arc is characterized by the intraoceanic subduction of an underwater ridge, our study provides some constraints on the role of subducting asperities on the shape and coupling of the seismogenic zone. We also use our constraints on the size of the seismogenic zone to estimate the potential for a major (M > 8) earthquake.
ARC-VANUATU Seismic Data
The ARC-VANUATU seismological network consisted of 20 wideband seismometers covering the southern half of Santo Island and the northern part of Malekula Island and 10 wideband ocean bottom . The white and black arrows represent, respectively, the convergence rates estimated at the trench and at the back-arc thrust belt, from local GPS data [Calmant et al., 2003; Bergeot et al., 2009] . AP: Australian Plate; DER: d'Entrecasteaux ridge; NFB: North Fiji Basin.
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seismometers (OBSs) offshore ( Figure 2 ). All of these instruments used Guralp CMG-40T seismometers, and the OBSs also used short-period hydrophones. The onshore data cover 10 months (from May 2008 to February 2009), and the OBS data cover four of these months (from the middle of May 2008 to August-September 2008) . The aperture of the network was roughly 100 × 100 km, and the average distance between instruments was approximately 20 km.
Due to a manufacturing defect, only two of the OBSs functioned properly: for the other OBSs, we used the hydrophone channels. Land stations VANGO and VKOLH (blue triangles in Figure 2 ) had significant recording gaps: 4 and 7 months, respectively.
Methodology
Earthquake Automatic Picking
More than 40,000 earthquakes (approximately 1 every 10 min) were detected on five or more instruments using an STA/LTA algorithm [Allen, 1982] . Due to the large number of events, we decided to use an automatic picking procedure (APP). After unsatisfactory comparison of existing APPs with manual picks, we developed a new APP based on the kurtosis function and automatic phase identification Hibert et al., 2014] . We use this APP to automatically pick P and S wave onsets and to estimate the local magnitude of events. The time difference between the APP and a subset of 163 manually picked events was 0.01 ± 0.08 s for P waves and À0.09 ± 0.23 s for S waves, and the APP actually provided more locations than the manual picking . Applied over the entire data set, the APP provided locations for approximately 30,000 of the 40,000 detected events, using a 1-D "starting model" from Prevot et al. [1991] and the HYPOCENTER earthquake location software [Lienert and Havskov, 1995] . These locations constitute our "preliminary catalog." M L in this catalog ranges from À0.5 to 5.4, and 95% of the events have M L < 3.1.
Velocity Model
We next calculated an improved 1-D model to locate the earthquakes, using a high-quality subset of 285 hypocenters from our preliminary catalog that (1) were picked on at least 10 stations, (2) were located beneath the network (GAP < 180°), (3) had a residual < 0.5 s, and (4) had location errors < 10 km. The 285 selected hypocenters have 3695 P picks and 2845 S picks, depths between 7 and 50 km, and the same average M L as the preliminary catalog.
We calculated the improved 1-D model using a Monte Carlo approach to define the best (V p , V s ) model. We assumed a constant V p gradient from 0 to 50 km depth and a constant V p /V s ratio throughout the model. We tested 400 models covering the physically feasible range of vertical V p gradients, V p /V s ratios, and topmost layer velocities. We imposed a positive V p gradient with depth after confirming that negative gradients did not improve the final residuals and increased instability. As we had no earthquakes below 50 km in the high-quality subset, we imposed the average International Association of Seismology and Physics of the Earth's Interior gradient for depths below 50 km [Kennett and Engdahl, 1991] . The final (V p , V s ) model has a residual of 0.243 s. We present and interpret the 1-D model in section 4.1.
HYPOCENTER also calculates station corrections: constant time shifts to be applied to each pick at each station in order to minimize the hypocenter residuals. These station corrections indicate and account for local, shallow variations in the velocity structure with respect to the 1-D model. Positive and negative station corrections are associated, respectively, with slower and faster local shallow velocities. We present and interpret station corrections in section 4.1.
We calculated the stability of our 1-D model using the procedure of Husen et al. [1999] (see Text S1 in the supporting information). The initial position of hypocenters does not significantly affect final hypocenter positions ( Figure S1 in the supporting information), indicating that our 1-D velocity model provides stable results.
The final 1-D model provided 31,019 locations, which we refer to as the "total catalog." Sixty-eight percent of the earthquakes in our total catalog have residuals <0.5 s, compared to only 62% with the preliminary velocity model.
Spatial errors are important for events outside of the network (see "bootstrap" method in Text S2), so we also created a "local catalog" of events located under or very near to the network (inside a box from 166-167.75°E longitude, 15°S-16°S latitude, and 0-100 km depth). This catalog contains 9514 events, with M L ranging from À0.5 to 4.5 (95% of the events have M L < 2.5). The median depth error in this catalog is 11 km. 
Event Relocation
To investigate patterns of seismicity between nearby events, we calculated a "relocated" local catalog using the double-difference method [Waldhauser, 2000 [Waldhauser, , 2001 Waldhauser and Ellsworth, 2002] . This method can greatly improve the relative locations of earthquakes that are near to one another and which have similar waveforms.
The primary input to the relocation method is the travel time delay between two similar events. The similarity of these events is defined by the similarity in waveforms, moveouts (arrival time delays at each station), and locations, indicating a common rupture mechanism and trajectory through the Earth. The time delay between a pair of similar events (obtained by computing the time offset of the cross correlation between two event waveforms at the same station) is directly linked to the distance separating their hypocenters.
We invert this "double difference" to improve the relative locations of similar hypocenters (see Waldhauser [2001] and Text S3 for details). We relocated 837 events (divided into 118 clusters) from our local catalog. Relocated events have M L between 0.4 and 3.8 (95% with M L < 2.8).
After relocation the geometries of the clusters are much better defined ( Figure 3) . We assessed the relative spatial errors of this relocated local catalog using a derived bootstrap method (Text S3). For all of the 118 clusters, the relative spatial error is less than 240 m, which is approximately 12% of the average cluster dimension. This means that the general shapes of relocated clusters are significant and can be used to interpret tectonic context.
Focal Mechanisms and Cluster Orientations
We computed focal mechanisms where possible, in order to constrain rupture processes and fault orientations. We used the HASH code [Hardebeck and Shearer, 2002] and only P polarities (because P-S amplitude ratios can vary by a factor 2 to 7 for similar events if noise levels are significant [Hardebeck, 2003] ).
We could only pick polarities and compute the focal mechanisms for 10 events, all of which had M L > 3 (see Table S1 in the supporting information). However, we were also able to calculate "composite" focal mechanisms for several of the relocated clusters of smaller events, using the assumption that events in a single cluster have similar locations and focal mechanisms [Hardebeck and Shearer, 2002] . We manually picked 2104 P polarities from the relocated clusters, obtaining 13 "reliable" composite focal mechanisms according to the following criteria: polarity mispicks <15%, mechanism coverage (HASH parameter STDR) >0.45, and pole errors <40°(see Table S2 ). The mean M L of the events in these clusters is 1.7, and the maximum M L is 3. We interpret these focal mechanisms in section 4.2. .9 earthquake and aftershock sequence. The black and white stars indicate the main shock located using global and local networks, respectively. Focal mechanism was calculated by waveform inversion [Nabelek, 1984] . The circles indicate the aftershocks located by the local network up to 10 days after the main shock: location errors range from 5 to 8 km. (a) Map view. The red triangles indicate some of the stations of the local network (the others are on islands further east). The focal mechanism strike/dip/rake is indicated under the beach ball. The box indicates the bounds and orientation of the profile shown in the cross section. (b). Cross section projected along profile 1. "X" indicates the subduction front.
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To characterize the type of seismic source associated with relocated clusters, we estimated the spatial orientation of clusters and compared with their composite focal mechanisms. We used a statistical approach called the three-point method to determine the clusters' spatial orientation [Fehler et al., 1987; Godano et al., 2014] . The method consists in determining the normal to the plane (or pole) defined by all possible combinations of three hypocenters belonging to the cluster. We calculate the statistical distribution of possible pole orientations for each cluster by repeatedly (~100 times) calculating the pole, each time randomly shifting the hypocenter according to its uncertainty [Baillard, 2014] . We compare this result with the two nodal poles defined by our composite focal mechanisms. A conceptual model of cluster orientation and pole comparison is shown in Figure S3 , and two examples are presented in Figure S4 .
Some clusters do not have a single preferred pole, for example a linear alignment of hypocenters for which the pole orientations are distributed in a circle orthogonal to the lineation. Before interpreting the pole orientation, therefore, we quantify the cluster shapes by calculating the three eigenvalues characterizing the ellipsoid (λ 1 > λ 2 > λ 3 ) surrounding the hypocenter cloud using a singular value decomposition [Asanuma et al., 2001] . The shapes are divided into three classes based on the eigenvalues: lines (λ 1 ≫ λ 2 ), planes (λ 1 ≈ λ 2 and λ 2 ≫ λ 3 ), and ellipsoids (λ 1 ≈ λ 2 ≈ λ 3 ). Results and interpretation of this classification and the orientations of the 13 clusters are presented in section 4.2.
Subduction Interface Geometry
To determine the geometry of the subduction plane beneath the central Vanuatu Arc, we combined our local catalog, including relocated events and focal mechanisms, with our total catalog, the NEIC catalog, the Harvard global centroid moment tensor catalog, and data collected by one of the authors during and after the M w 6.9 Santo earthquake (4 October 2000) using a four-seismometer local network. The aftershock sequence of the Santo earthquake is particularly useful to define the subduction interface as there was no important megathrust earthquake during our experiment. The main shock of the 2000 Santo earthquake was located at 17 km depth, and the aftershock depths range from 5 to 40 km ( Figure 4 ). In this paper, we Automatic procedures exist to estimate the position of the subduction interface, but they require a significant density of large earthquakes with thrust mechanisms, which are assumed to lie on the subduction interface (e.g., the SLAB1.0 project [Hayes and Wald, 2009; Hayes et al., 2012] ). Our microearthquake catalog has scattered (but accurate) locations and few focal mechanisms, preventing automatic selection of events and determination of the main interface. We therefore decided to manually pick the position of the shallow subduction interface.
We developed a graphical user interface (GUI) to manually pick the subduction interface. We defined a grid made of 41 250 km long profiles oriented N70°E and spaced 10 km apart (Figure 5a ). The GUI projects events lying within 20 km of the profile onto each profile. This overlapping of data across neighboring profiles ensures the continuity of the picked subduction plane (Figures 5b and 5c ). We used all of the abovementioned catalogs and picked the main subduction interface corresponding to both an alignment of earthquakes and the presence of thrust mechanisms. Once we finished picking on all transects, we pinned the interface to the subduction front at the trench and fit a smoothed 3-D surface to the picked points.
The shallow seismogenic zone corresponds to the nonstable or conditionally stable portion of the subduction interface [e.g., Scholz, 2002] . We observed a strong reduction of seismic activity below 45 km depth ( Figure 5 ), both on local and global catalogs, which we consider to correspond to the downdip limit of this seismogenic zone. Figure 6 shows the geometry of the subduction interface and the downdip extent of its seismogenic zone. We discuss these observations in sections 4.3 and 4.4. network. The top layer velocity is 6 km/s, the velocity gradient is~0.04 km/s/km over the first 50 km, and the V p /V s ratio is 1.8 ( Figure 7) . The P velocity of 6 km/s for the first 7 km gives a similar average velocity over the first 15 km to the value of 6.6 km/s estimated for the first 15 km by Prevot et al. [1991] . The V p /V s ratio of 1.8 is close to the ratio of 1.78 indicated from the Wadati diagram computed using our P and S pick arrival times. Station corrections for P waves show the same pattern as those for S waves, but the S wave station corrections are approximately twice the P wave station corrections, consistent with the V p /V s ratio of 1.8 ( Figure 7) . Our model reaches a velocity of 7.6 km/s at 26 km depth, which corresponds well to Coudert et al.'s [1984] estimation of a fore-arc Moho depth of 27 ± 4 km with a P velocity of 7.6 km/s. This relatively thick fore-arc crust is probably related to the strong compressive stress endured by the fore arc due to the subduction of the bathymetric highs.
Results and Discussion
Velocity Model Interpretation
Station corrections (Figure 7 ) indicate low-velocity anomalies on the western part of Santo and the north of Malekula, which are probably the result of altered and fractured rocks in the western mountain chain, resulting from E-W compression [Meffre and Crawford, 2001] . The higher shallow velocities beneath eastern part of Santo are consistent with compacted limestones (experimental measures on analogous limestones show a velocity of 4.5 km/s to 6.5 km/s [Castagna et al., 1985] ) due to the underwater history of Santo in the late Miocene [Pelletier et al., 1994] .
The strong shallow velocity heterogeneity indicates the complexity of Earth's structure, partly due to the asymmetrical geological context inherent to subduction zones. We see here the limits of the 1-D model, which is sufficient to reduce hypocenter location errors but inadequate to fully interpret the 3-D velocity structure. A 3-D tomographic model should be calculated in the future using our local catalog.
Nevertheless, the improved 1-D velocity model provides a well-constrained microearthquake catalog. Projecting these earthquakes on a profile orthogonal to the trench provides a good overview of the seismic activity on and around the subduction plane ( Figure 8 ) and reveals three regions of dense seismic activity: (1) shallow earthquakes on or near the subduction interface, which we call interplate earthquakes; (2) shallow earthquakes in the downgoing plate below the subduction interface, which we call shallow intraplate earthquakes; and (3) intermediate-depth earthquakes that are most likely located in the downgoing plate. We will focus on the first two sets of earthquakes, which are the best located by our network.
Geometry of Clusters and Relation With Composite Focal Mechanisms
The earthquakes present a great variety of focal mechanisms (Figure 9 ). Most of the simple thrust fault mechanisms in our catalog are situated at 20 to 35 km depth beneath Malo Island. Two of the 13 composite focal mechanisms (clusters 1 and 5), both beneath north Santo, have clear thrust mechanisms, and a third (cluster 15), beneath Malo, has a thrustdominated mechanism. The depths of all of these events correspond well to the subduction interface indicated by the combined catalogs and provide local constraints on the position of this interface.
The remaining composite focal mechanisms are highly heterogeneous, indicating a complex state of stress. There are no preferential axes of compression: for example, clusters 12 and 14 present orthogonal compressive axes even though they are located only~20 km apart.
Can these composite focal mechanisms be related to the cluster shapes? A plane shape could be caused by an activated patch of fault surface, whereas a line-shaped cluster could be caused by a ridge on the plate interface, a channel or crack along a fault, or a series of en echelon cracks. Two of the clusters have a planar shape, eight have linear shapes, and three have ellipsoidal shapes (Figure 10a ). An elliptical shape provides no geometric information, and so we do not interpret these latter three clusters here.
The simplest case to interpret is where the cluster geometry aligns with one of the nodal planes, in which case we can consider that the cluster sits on the rupture plane. Only four clusters (1, 6, 7, and 8) have this characteristic (see Figure S4 for two examples). Clusters 1, 6, and 8 lie on or very close to the subduction interface, but each has a different behavior/context. Cluster 1 has a linear shape and a thrust mechanism aligned with the megathrust interface: we interpret it as a linear asperity, possibly a ridge, on the megathrust interface (Figure 10b) . Cluster 6 has a linear shape, a normal mechanism, and appears to lie slightly beneath the subduction interface: we interpret it as events on a normal fault within the subducting plate, possibly activated by bending-induced extension (Figure 10c ). Finally, cluster 8 has a planar shape, a strike-slip mechanism, and appears to lie above the subduction interface: we interpret this cluster as events along a strike-slip fault in the overriding plate between Santo and Malekula Islands (Figure 10d ). This region is interpreted as a tectonic discontinuity based on reefal terraces and seismicity [Taylor et al., 1980; Ebel, 1980] ; cluster 8 could lie on a fault that is part of this discontinuity. The focal plane of this cluster is subparallel to the arcperpendicular discontinuity, suggesting that the adjustment may occur along several subfaults.
Interpretation of the remaining nonellipsoidal clusters, whose poles are not aligned with a focal plane, is more speculative. Line-shaped clusters 17 and 18 have a nodal pole that aligns with one of the focal mechanism nodal plane poles, suggesting that the cluster could be a localized response to the stress field. The possible poles of line-shaped clusters 11, 13, and 14 are neither aligned with their focal planes nor with their nodal plane poles. 
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This is possible in the case of coalescence and propagation of fractures along multiple preexisting flaws which are not aligned with the current stress direction [Brace and Bombolakis, 1963; Bobet and Einstein, 1998 ], which would tend to create "en échelon" ruptures along the main compression axis.
The relation between the cluster shape poles and their focal mechanisms appears to be highly dependent on the distance from the subduction interface: very near to the interface (clusters 1, 6, and 8), the shapes are aligned with a focal plane; farther away (clusters 17 and 18), they are aligned with a nodal plane pole; and even farther away (clusters 11, 13, and 14), they are aligned with neither ( Figure 9 ). This relationship suggests an increasingly chaotic fault/rupture structure (and stress field) with increasing distance from the subduction interface.
Seismic activity does not migrate spatially over time within the clusters ( Figure S5 ), and there is no clear evidence for repeated events within the relatively short (10 month) period of the experiment. Waveform correlations within clusters average 0.82 and are almost always less than the threshold of 0.95 commonly associated with repeated events [e.g., Igarashi et al., 2003 ].
Influence of Subducted Topography on the Subduction Interface Geometry
The subduction interface generally has a shallow dip (<15°) over the first 20-40 km from the trench then rapidly bends, reaching approximately 40°dip at 40 km depth ( Figure 6 ). The shallow-dipping zone extends farthest from the trench (40-50 km) in front of the region where the Bougainville and north d'Entrecasteaux seamounts subduct (Profiles 3 and 4). This bulge covers approximately 100 km along axis, from north Malekula to central Santo. The interface is generally shallower than that in the Slab 1.0 model [Hayes et al., 2012] , particularly within 50 km of the subduction front. In the region of the bulge, the interface is up to 30 km shallower than the Slab 1.0 model.
The bulge is probably created by the continuation of the ridge system associated with the Bougainville and d'Entrecasteaux seamounts. A positive density anomaly associated with these ridges would buoyantly resist subduction into the asthenosphere [Wai-Ying and Kanamori, 1978; Cloos, 1993] , pushing the plate interface upward and reducing its dip [Gerya et al., 2009] . This effect might also explain the up to 6 mm/yr uplift of south Santo over the past 110 kyr [Taylor et al., 2005] . Simple mechanical models of 
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buoyant ridges in other regions suggest uplifts of 3.7 mm/yr (the Cocos Ridge beneath Costa Rica [Gardner et al., 1992] ) and 0.9 mm/yr (the Hikurangi Plateau beneath New Zealand [Litchfield et al., 2007] ), smaller than but (in the case of the Cocos Ridge) on the order of the maximum central Vanuatu uplift. Additional uplift could be caused by geometrical surrection due to the impingement of the bathymetric highs [Taylor et al., 2005] and nonelastic deformation, as suggested by the dense E-W compressional fault network in the high mountain ridge of west Santo [Meffre and Crawford, 2001] .
Additional uplift could also be created by the readjustment of asthenosphere fluid flow above a sinking detached slab. Chatelain et al. [1992] proposed that the slab is detached beneath Malekula based on two principal observations: (1) the existence of a 150 km wide seismic gap beneath Malekula that extends south to Efate Island and (2) the severe attenuation and low average velocity of seismic waves passing through this gap [Marthelot et al., 1985; Prevot et al., 1991] . Chatelain et al. [1992] calculated that such a detachment could generate uplift rates of 0.3 to 3 mm/yr. However, the International Seismological Centre seismic catalog (data since 1910) reveals a less clear seismic gap with a maximum downdip width of 80 to 100 km, and seismic gaps are not necessarily associated with absence of a slab [e.g., Hyndman et al., 1997; Scholz, 1998 ]. In this case, the low observed seismic wave velocities could be associated with hydrated blueschists [Abers, 2000] and the wave attenuation with the dehydration of these facies with depth [e.g., Takemura and Yoshimoto, 2014] . We do not deny the possibility of a detached slab, but a continuum slab is also possible and coherent with more recent data and interpretations made in other subduction zones. 
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Characterization of the Seismogenic Zone
The seismogenic zone is defined as the nonstable portion of the subduction interface that allows nucleation of thrust earthquakes [e.g., Scholz, 1998 ]. Half of the seismic activity and seismic moment released in our local catalog is located on this zone, mostly concentrated around 25 km depth.
We estimate the updip limit of this zone to be 10 to 30 km from the subduction front (Figure 6a ), based on the limit of aftershocks following the 2000 Santo earthquake. Our local catalog does not detect much seismic activity less than 30 km from the subduction front, but this could be due to the lesser sensitivity of our network near the subduction front (the OBSs were only deployed for 40% of the network time, and they had lower sensitivity than the land stations) or to blockage of the seismogenic zone closer to the subduction front during our experiment [e.g., Bergeot et al., 2009] .
The downdip limit varies between 35 and 50 km depth, with a mean depth of~45 km (Figure 6 ). The subducted bathymetric highs associated with the bulge in the subduction interface are not associated with any change in this depth, indicating that the nonstable behavior of the seismogenic zone is not significantly influenced by the rheology or structure of the subducted seamounts. This limit is well below the~27 km depth of the crust/mantle interface in the overriding plate, contradicting the assumption [e.g., Tichelaar and Ruff, 1993; Hyndman et al., 1997] that the downdip limit for intraoceanic subduction is at the crust/mantle interface because serpentinization of the mantle wedge creates a stable sliding condition. Our results agree with a more recent global study of subduction zones showing that the downdip limit extends 10 km deeper than the upper plate crust/mantle interface in 70% of the studied seismogenic zones [Heuret et al., 2011] . That study focused mostly on ocean-continent subduction zones, but recent local studies of intraoceanic subduction zones support this observation: Dessa et al. [2009] showed that the 2004 Andaman-Sumatra earthquake (9 to 9.3 M w ) nucleated below the fore-arc Moho, and Laigle et al. [2013] revealed interplate seismicity below the crust-mantle interface in the Lesser Antilles subduction zone.
In the Vanuatu region, the deep penetration of the downdip limit may be explained to a first order by the high thermal parameter of the downgoing Australian Plate. The thermal parameter reflects the capacity of a plate to rapidly bring cold material into the mantle and is defined as Φ = A * V * sin(δ), where A is the age of the downgoing plate, V is the convergence velocity, and δ is the dip of the subduction interface. In central Vanuatu, A is approximately 57 Ma [Collot et al., 1985] , V is 49 to 70 mm/yr over geologic timescales [Taylor et al., 1995] , and the mean shallow dip is~30°, giving Φ = 1400-2000. This range of values is generally higher than the global average of~1500 over all subduction zones [Heuret et al., 2011] , indicating that the downgoing plate has a higher-than-average capacity for carrying cold material to the mantle. Maruyama and Okamoto [2007] determined that cold subducting crust may not substantially dehydrate until~75 km depth. Without substantial crustal dehydration, the mantle wedge will only be weakly hydrated/serpentinized and the subduction interface will have a nonstable behavior [Shimada et al., 1983] . The downdip limit of interface seismicity suggests that the mantle becomes hydrated enough to allow stable sliding at about 45 km depth (Figure 11 ).
Maximum Earthquake Limit and Recurrence Time
What are the constraints on the maximum earthquake size and minimum recurrence interval in the region of south Santo and north Malekula? There is no absolute answer, as great earthquakes have a tendency of breaking established hypotheses, but we can suggest bounds based on scale laws which link rupture parameters and magnitude of earthquakes. We will show below that our seismological data, existing Figure 11 . Conceptual model of why the downdip limit of the seismogenic zone extends to~45 km. The subducting plate is relatively cold (high thermal parameter), and dehydration does not peak until~75 km beneath the seafloor [Maruyama and Okamoto, 2007] , leading to weak serpentinization of the upper mantle wedge. The downdip limit marks the depth at which the mantle is sufficiently serpentinized to allow stable sliding.
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geodetic data, and the rather short historical record converge on a maximum earthquake magnitude of~7.6 M w , with a recurrence interval of 50-180 years, depending on the coupling coefficient. We use the subduction zone earthquake scaling parameters of Strasser et al.
[2010] to relate rupture size to magnitude. We assume a shear rigidity, μ, of 5 × 10 11 dyn/cm 2 [Heuret et al., 2011] to relate slip to the magnitude using the definition of moment magnitude, M w ≡ 2 3 log DAμ ð ÞÀ10:7, where A is the rupture area and D is the average displacement over the surface. The biggest uncertainty is the interseismic convergence rate, which is 25 to 43 mm/yr according to a local geodetic network in place since 1996 [Calmant et al., 2003; Bergeot et al., 2009] and 97 to 103 mm/yr according to the MORVEL regional plate velocity model [DeMets et al., 2010] . The difference is presumably because of partial blocking by the subducting ridges and seamounts, which is accommodated by compression within and behind the island arc [Calmant et al., 2003] . We use the local rate (25-43 mm/yr), as at least the back-arc compression is long established enough to create clear geological features: a higher convergence rate would not affect our calculation of the maximum earthquake magnitude but could reduce the recurrence interval.
The dimensions of the locked zone are constrained by seismological data from our experiment and the 2000 Santo event aftershock measurements, as well as long-term geodetic data. The seismological data show a downdip limit 70-90 km from the trench along the interplate surface ( Figure 6 ) and suggest an updip limit 10-30 km from the trench, giving a maximum rupture width of 60-80 km. (We here use the seismogenic width as the rupture width even though, in some cases, the earthquake rupture can overrun the seismogenic zone limits [Scholz, 2002] .) Bergeot et al. [2009] estimated a locked zone width of 55 km (50 km horizontally with a 25°dip), using a simple back slip elastic model [Savage, 1983] . Using scaling laws for subduction earthquakes [Strasser et al., 2010] a rupture width of 55 km corresponds to M w 7.55 ± 0.4, whereas a rupture width of 80 km corresponds to M w 7.85 ± 0.4. The upper magnitude limit in the central Vanuatu region is probably less than the latter value, as the blocked zone is unlikely to equal our maximum calculated value along the whole region and there appear to be barriers to earthquake propagation every 50-100 km along strike [Ebel, 1980; Taylor et al., 1980] . In general, subduction zone earthquakes have a significantly greater rupture length than width, but one of the largest recorded earthquake in the region, the M s 7.5 1965 event beneath south Santo and north Malekula, had a rupture length of only 70 km for a width of approximately 60 km [Ebel, 1980] . If we project rupture patches calculated from instrumentally constrained earthquakes (1971 , NEIC plus Chinn and Isacks [1983 ) onto the subduction interface using the scaling relations of Strasser et al. [2010] (Figure 12 ), we observe a seismic gap from south Malo to mid-Malekula. This gap covers approximately the same region as the M S 7.5 1965 event [Ebel, 1980] . The area of this gap is [1983] ). Rupture patch size parameters are derived from Strasser et al. [2010] . The red circles represent the earthquakes whose provided magnitude is M s rather than M w . The main rupture gap since 1971 is indicated by the dotted ellipse. The white star and rectangle represent the, respectively, the epicenter and fault area model [Ebel, 1980] of the 1965 M s 7.5 earthquake. : filling it with one event would require a M w 7.6 ± 0.3 earthquake [Strasser et al., 2010] . The mean slip of such an earthquake would be from 0.6 m (for a M w 7.3 event) to 3.2 m (for a M w 7.9 event). The cumulated convergence in the 50 years since the 1965 event is 1.3-2.2 m, indicating that there is enough strain currently accumulated for a M w 7.6-7.8 event if coupling is complete. The coupling coefficient of 0.14 calculated by Heuret et al. [2011] for Vanuatu, on the other hand, indicates a recurrence time of~180 years for a M w 7.6 event. However, the seismic coupling coefficient should be interpreted with caution, especially for earthquake recurrence intervals that are higher than the time range of recorded data. For example, the coupling coefficient in the Sumatra region was estimated to be 0.007 from 1900 to 1990 [Pacheco et al., 1993] , implying a small probability of a great megathrust earthquake. When the region was hit by the M w 9.3 Andaman earthquake in 2004, the coupling coefficient increased to 0.98 [Heuret et al., 2011] . Local geodetic (GPS and seafloor pressure/acoustic) data can help to quantify the actual current degree of locking on the subduction interface.
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A high (~1) coupling coefficient and a faster long-term convergence rate than that measured locally by GPS could generate a recurrence interval of less than 50 years for a M w 7.6 event, but geologic data indicate a lower limit of 50 years. Taylor et al. [1990] estimated a 50 year recurrence interval for the south Santo tectonic segment and a 422 year interval for north Malekula by fitting mean Holocene uplift rates to recent coseismic uplifts (considering earthquakes between M w 7.1 and 7.9). Their calculation assumes that there is no interseismic vertical motion to compensate the coseismic motion, whereas local GPS measurements show clear interseismic vertical motions [e.g., Bergeot et al., 2009; Ballu et al., 2013] . Moreover, these interseismic motions are in the direction of the long-term uplift in south Santo and against the long-term uplift in north Malekula, which would tend to make the former recurrence interval estimate (50 years) too short and the latter (422 years) too long. However, this study has the advantage of covering a much larger time interval than the seismic data, and we therefore take 50 years as a lower limit of the seismic recurrence interval.
We showed above that the maximum width (80 km) of the seismogenic zone indicates an upper limit of M w 7.85 ± 0.4 for earthquakes in the Santo-Malekula region. This is the upper limit of locked zone dimensions, and there are no historical (post-1900) earthquakes larger than M s 7.5 in this region (there was one M s 7.8 earthquake in 1910, but it appears to have been on the Australian Plate before subduction; Figure S6 ). Larger events (up to M w 8.2) have been recorded further north and south along the archipelago (from 12 to 21°S), suggesting a wider seismogenic zone outside of the central zone: the largest events are 5 M w or M s 7.8-8.2 events around the Torres Islands to the north (1934, 1957, 1966, and two in 2009) and 4 M w or M s 7.8-8.1 events around Erromango and Tanna Islands to the south (1910, 1913, 1920, and 1950) [Engdahl and Villasenor, 2002] .
Seismic Risk
Even if the maximum magnitude is limited to M w 7.6 in the central section and earthquakes of this magnitude have rarely caused casualties in the Vanuatu archipelago, there is a nonnegligible and growing risk due to the shallow depth of the seismogenic zone beneath the islands and the increase in nonreinforced concrete and cinder block constructions in the region. As for tsunami risk, the probability of tsunamigenic earthquake depends partially on how close the updip limit of plate blocking is to the subduction front, which can best be estimated with geodetic measurements, including offshore [Ballu et al., 2013] . The west coasts of the islands generally rise rapidly above sea level, providing simple escape paths for the population, but the proximity of the coasts to the subduction front (20-40 km) and the rapid deepening of the seafloor offshore may allow little time between an earthquake and the arrival of a tsunami.
The Shallow Double Seismic Zone
Our local catalog reveals an elongated cloud of earthquakes within the downgoing plate, 20 to 30 km below the subduction interface (red circles in Figure 8 ). Assuming that the subducting Australian Plate crust is 8 km thick, these earthquakes are located in the subducting plate mantle. They correspond to what has been called the lower layer of the shallow double seismic zone [e.g., Hacker et al., 2003; Peacock, 2003] . The first hypothesis requires the oceanic plate mantle to be hydrated down to 30 km depth, presumably by deep, Moho-crossing, faults before subduction, as suggested by Ranero et al. [2005] in western Chile. No such deep faults have been clearly identified on the outer rise of the Australian Plate; however, two events with magnitudes M w 6.8 and 6.4 occurred in 1992 and 1995 and were located in the outer rise region below the Bougainville seamount (Figure 1 ). These events have depth lower than 20 km and can suggest that large faults exist, enabling intrusion and circulation of water in the upper mantle. The second hypothesis implies a maximum compressive stress parallel to the convergence direction and subduction interface. Unfortunately, only five of our mechanisms are clearly located in this layer (clusters 13 and 3 and three larger events; Figure 9 ). The maximum compressive stress axes (P axes) of these events are indeed aligned with the convergence direction (~N75°E), but only one of these events has a P axis parallel to the subduction interface. Further local focal mechanisms are needed to statistically interpret the origin of the earthquakes in this layer.
Conclusion
1. The central part of the Vanuatu arc is characterized by constant and intense low-level seismic activity.
More than 30,000 earthquakes were detected and located using 10 months of seismicity in 2008-2009, recorded on a local network covering Santo and north Malekula Islands. The smallest detectable events had M L = À0.5, and 95% of the events had M L < 3.1. 2. We determined a 1-D minimum velocity model from our microseismic catalog. The model is consistent with the 27 ± 4 km thickness calculated by Coudert et al. [1984] . Station corrections indicate shallow low-velocity anomalies on the western part of Santo and Malekula, associated with a dense fault network beneath these islands' western mountain chains, and shallow high-velocity anomalies on the eastern part of Santo, associated with the presence of dense compacted limestones. 3. More than half of the earthquake clusters identified through relative relocation have a linear shape. The direction of some of these clusters fall on fault planes indicated by composite focal mechanisms, but their linear shape indicates that they are focused along channels on these planes, which may reveal preexisting elongated geological fragilities. The earthquakes are scattered with time along these channels, with no evidence of propagation along the channel. 4. Focal mechanisms and composite focal mechanisms beneath our network are highly heterogeneous, indicating a complex state of stress in both plates during interseismic loading. This complexity is probably due to the subduction of ridges and seamounts beneath the central Vanuatu arc, creating long-term uplift and both trench-parallel and trench-perpendicular faulting [e.g., Collot and Fisher, 1991; Meffre and Crawford, 2001] . The correspondence between cluster shapes and focal mechanisms is strong close to the subduction interface and decreases rapidly away, perhaps reflecting the role of strong stresses near this interface in organizing coherent faulting. 5. The 3-D geometry of the subduction interface, defined using our earthquake catalog, a local earthquake catalog from the 2000 M w 6.9 Santo earthquake and globally determined focal mechanisms, reveals a shallow bulge on the interface in front of the north d'Entrecasteaux ridge and Bougainville seamount. We propose that the buoyancy effect, induced by the subduction of the bathymetric highs, contributes to the upward deformation of the subduction interface and to the long-term uplift observed on Santo and Malekula. Because of this bulge and the proximity of Santo Island to the subduction front, the subduction interface is only 10 km deep beneath the southwest coast of Santo Island, increasing the risk of strong ground motions beneath villages in this region. 6. The downdip limit of the seismogenic zone is~45 km, which is particularly deep for intraoceanic subduction zones and well below the 27 ± 4 km depth of the upper plate Moho. We propose that this reflects a weak serpentinization of the shallow mantle wedge, which can be explained by a relatively high thermal parameter of the subducting plate increasing the depth at which the subducting crust dehydrates. The subducted bathymetric highs have no apparent effect on this downdip limit. 7. The seismogenic zone is 60-80 km wide in this region. The upper limit of 80 km corresponds to an earthquake magnitude of M w 7.85 ± 0.4 for complete rupture (considering only the nonstable portion of the interface). Taking into account the probable average width of the zone (~70 km) and apparent seismotectonic barriers
Journal of Geophysical Research: Solid Earth 10.1002/2014JB011853 that may limit rupture lengths to 100 km suggests a limit on the order of M w 7.6 (the largest recorded earthquake in the region was a M s 7.5 event in 1965). The recurrence cycle for such an event is on the order of 180 years using the currently estimated coupling coefficient and as low as 50 years if long-term coupling is higher. The current seismic gap beneath north Malekula and south Santo is large enough to host a M w 7.6 earthquake, although the strain accumulated since the 1965 event would only be sufficient to generate such an event if the coupling coefficient is~1. 8. Our catalog reveals a double seismic zone, whose lower layer is 20 to 30 km below and subparallel to the seismogenic zone. The most likely explanation for this zone is compressional stress associated to the bending of the downgoing plate. A second explanation could be hydrofracturation linked to dehydration of the downgoing plate mantle, but this would require 30 km deep faults on the Australian Plate. More local focal mechanisms are required to distinguish between these two possibilities.
